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Lecture 4.     The structure of the atmosphere. Air in motion.  
 
Objectives: 

1. The vertical structure of the atmosphere. Temperature profile. 

2. Temperature in the lower atmosphere: dry adiabatic lapse rate. 

3. Pressure and density profiles. Hydrostatic balance. Buoyancy. 

4. Air in motion. 

5. General (global) air circulation. 

 
Readings: Turco: p. 27- 37, 43-47; Brimblecombe: p. 5-7, 13-17. 
 
 
 
 
 
 
 
 
 
1. The vertical structure of the atmosphere. Temperature 
profile. 
 
Atmosphere is divided into lower and upper regions. 

The lower atmosphere is below the top of the stratosphere ( below about 50 km). 

Meteorology studies the lower atmosphere, while upper atmosphere is studied by 

aeronomy. 

 

The Earth’s atmosphere is characterized by variations of temperature and pressure 

with height. The variation of  the average temperature with altitude is the basis for 

distinguishing the layers of the atmosphere. 
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Figure 4.1 Regions of the atmosphere. 
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Regions of the atmosphere: 

Troposphere.  The lowest layer of the atmosphere, extending from the Earth’s surface 

up to the tropopause, which is at 10 to 15 km depending on latitude and time of year; 

characterized by decreasing temperature with height; 

contains about 90% of the total mass of the atmosphere;  
divided into the  boundary layer (from the surface to above 0.5 -3 km) and the free 

troposphere, which is rest of the troposphere;  

 
Stratosphere. Extends from the tropopause to the stratopause (~45-50 km); 

temperature increases with altitude (due to the natural ozone layer (25-32 km) which 

absorbs ultraviolet sunlight); 

contains about 9.5% of the total mass of the atmosphere;  

 

Mesosphere. Extends from the stratopause to the mesopause (~80-90 km);  

temperature decreases with altitude; mesopause  is the coldest point in the atmosphere; 

contains about 0.49% of the total mass of the atmosphere; 

 

Thermosphere. The region above the mesopause;  

temperature increases with altitude (because molecular oxygen and nitrogen absorb  X-

rays); 

 

Exosphere. The outermost  region of the atmosphere (> 500 km) where gas molecules 

with sufficient energy can escape from the Earth’s gravitational attraction.  
 

 

NOTE: this course deals with lower atmosphere (troposphere + stratosphere) only 
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2.Temperature in lower atmosphere: dry adiabatic lapse rate. 
 
Temperature inversion (or inversion layer) is defined as the layer of the 

atmosphere  in which the temperature is increasing with height. 

 

Figure 4.2 Temperature inversion. 

 
 

• Temperature inversion traps air pollution (will be discussed in Lectures 17-18). 

 

 
Except cases with temperature inversion, temperature always decreases in the lower 

troposphere. 

Temperature lapse rate is the rate at which temperature decreases with increasing 

altitude. 

ΓΓΓΓ = - (T2 - T1) / (z2 - z1) = - ∆∆∆∆T/∆∆∆∆z 

where T is temperature and the height z.  
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The first law of thermodynamics can be written for air as 

dU= dQ + dW 

where dU is the change of internal energy of air, dQ is the heat added to(or taken from) 

air from all external sources, and dW is the energy added gained (or lost) by air as a 

result of work done to alter the volume of air. 

dW = - P dV 

dU = Cv dT  

where Cv is the heat capacity of air at constant volume. 

 

• The law can be written in terms of change of energy per unit mass of air: 

du= dq + dw 

where du = dU/Ma , dq = dq/Ma , dw = dw/Ma 

and cv = Cv /Ma 

Here cv is the heat capacity of air per unit mass which shows the change in energy 

required to raise the temperature of one gram of dry air on one degree Kelvin at constant 

volume. 

 

 

If dQ = 0 the process is called adiabatic.  

Adiabatic means without the loss or gain of heat. Thus the change in internal energy is 

equal to work done: dU= dW 

or Cv dT = - PdV 

• Adiabatic process is of special significance in the atmosphere because many of the 

temperature changes that take place in the atmosphere can be approximated as 

adiabatic.  
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Adiabatic cooling and heating  of an air parcel. 
Let’s apply the first law of thermodynamics to an air parcel whose volume is changing 

as it ascends or descends in the atmosphere. 

 

Air parcel is a hypothetical mass of air that may deform as it moves in the atmosphere. 

This concept is often used in atmospheric sciences in considering air in motion. 

 

Air parcels in the atmosphere are affected by various forces and undergo physical and 

chemical transformations. For instance, the gas laws and the first law of thermodynamics 

apply to air parcel. 

 

For a parcel of dry air under adiabatic conditions it can be shown that  

dT/dz  = - g/cp 

where cp is the heat capacity at constant pressure per unit mass of air and cp = cv +R/ma 

and ma is the molecular weight of dry air. 

The quantities g/cp is a constant for dry air equal to 9.76 C per km. This constant is 

called dry adiabatic lapse rate. 

 

 

Potential temperature is the temperature a parcel of air would obtain if it were 

brought dry adiabatically from a given altitude to a pressure of 1000 mbar. 

ΘΘΘΘ  = T (1000/ P)k 

where k = cp- cv/ cp = 0.286.  Potential temperature is conserved by air parcel when the 

motion is adiabatic. 
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Figure 4.3 The response of air parcel to vertical displacement in the atmosphere. 

(a)  The parcel starts at the ground and expands and cools by adiabatic expansion as it 

rises.  

(b) The parcel aloft descends toward the surface, warming by adiabatic compression.  

 

 
 

The law of adiabatic expansion or compression states that any gas will cool that 

is allowed to expand freely from a higher pressure to a lower pressure without the transfer 

of external energy to the gas. Similarly, a gas will heat if compressed from a lower to a 

higher pressure in the absence of a transfer of energy from the gas.  

 

NOTE: the lapse rate in the lower atmosphere has a great influence on the vertical 

motion of air and stability of the atmosphere (will be discussed further in Lectures 17-18).  
 

• Presence of water vapor can affect the temperature changes in the 

moving parcel due to latent heat. A new lapse rate must be defined to 

account for the latent heat effect (will be discussed in Lectures 17-18). 
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3. Pressure and density profiles. Hydrostatic balance. 

Buoyancy. 
 
• In contrast to temperature atmospheric pressure and density decrease 

exponentially with altitude. 

 
Over large horizontal regions (> several kilometers), the atmosphere is in 
hydrostatic balance. 
 
The law of hydrostatic balance  states, that the pressure an any height in the 

atmosphere is equal to the total weight of the gas above that level.  

 

The hydrostatic equation: 
 
dP(z) / dz = - ρ ρ ρ ρ(z) g 

where ρ ρ ρ ρ(z)  is the mass density of air at height z, and g is the acceleration of gravity. 

 

NOTE: dP(z)/dz ~ (P(z1) -P(z0))/ (z1- z0) 
where z0 is lower than altitude z1. 

 

Combining the ideal gas law and the hydrostatic equation we can derive the 

variation of pressure with height: 

P V = µ RT 

µ = Ma/ ma = ρ V / ma 

thus  

P V = ρ V RT / ma 

ρ = ma P / RT 

substituting this expression for ρ into the hydrostatic equation : 
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dP(z) / dz = - ma P g / RT 

which we can rewrite as 

d ln P(z) / dz = - 1/ H(z) 

where H(z) = RT(z)/ ma g is called a characteristic length scale for decrease 

of pressure with height. 

Assuming than T can be taken to be constant, we obtain 

P(z) / P0 = exp (-z / H) 

where H = RT/ ma g is called the scale height, P0 is the pressure at z=0 km 

(or atmospheric pressure at the surface). 

In the lower atmosphere,  at T =273 K: H = 8 km  is called the e-folding 

(about 2.7) length scale. 

 

 

Figure 4.4 Pressure vs. altitude 
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Problem: What is the pressure at 500 m if the pressure and density at the surface are P0 

= 1013 mbar, ρ0 = 0.00123 g cm-3.  

 

Solution. 
From the hydrostatic equation we have 

(P(z1) -P(z0)) / (z1 - z0 ) = - ρ(z0)  g  
thus 

P(z1) = P(z0) - ρ(z0)  g (z1- z0 ) 

In our case, z1= 500 m, z0 = 0 m; 

thus 

P(500) = 1013 mbar - 0.00123 (g cm-3) 981 (cm s-2)  (5x104 (cm) -0 (cm))  

P(500) = 1013 mbar - 6.033 x104(g cm-1 s-2) 

recall that 1 mbar = 103(g cm-1 s-2) 

therefore  

P(500) = 1013 mbar - 6.033 x104 x10-3 mbar = 952.67 mbar 

 

 

NOTE: variations of temperature, pressure and density are much larger in vertical 

directions than in horizontal. This strong vertical variations result in the atmosphere being 

stratified in layers that have small horizontal variability compare to the variations in the 

vertical. 

 

The law of buoyancy states that any material or object immersed in a fluid will tend 

to rise through the fluid if the fluid density if greater than the material density. The force 

associated with buoyancy is the difference between the weight of the displaced fluid and 

the weight of the immersed material. 

For instance, hot air is less dense than cold air, therefore the warmer air rises in a process 

called convection.  
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4. Air in motion. 
 
Winds can be considered on two scales: local and regional winds that compose 

weather, and large-scale (global) winds that move air around the entire planet. 

 

• Local and regional winds are important to air pollution, because they responsible 

for dispersion and removal of air pollution at the regional scale (see Lectures 17-18).  

• Large-scale (global) winds (referred to as the general circulation)  are 

important to air pollution and climate change studies because they can distribute air 

pollution over the entire planet. 

 

 

An overall factor governing air motion: 

redistribution of energy inequalities in the atmosphere 

 

The key energy sources driving the wind systems on our planet: 

1. Solar radiation (energy emitted by Sun) 

2. Latent heat 

3. Thermal radiation (energy emitted by the surface of the Earth and the atmosphere) 

 
NOTE: Solar and Thermal radiation will be discussed in Lecture 5. 
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• The uneven distribution of solar energy results from latitudinal 

variations in solar insolation (more in tropics, less at poles), and from 

differences in absorptivity of the Earth’s surface. It creates the large 

scale air motion to transport energy from the tropics toward the polar 

regions.  

 
 
• This energy transport is affected by the rotation of Earth (the Coriolis 

effect). Thus, the general pattern of global air circulation is chiefly due 

to both solar radiation and Earth rotation.  

 

Coriolis force (effect) is an apparent force that deflects moving bodies in a rotating 

system.  The Coriolis force deflects moving air (or bodies) to the right in the Northern 

Hemisphere, and to the left in the Southern Hemisphere. The Coriolis force is zero at the 

equator and maximum near the poles. 
 
 
Factors affecting air motion: 

solar radiation; 

latent heat; 

thermal radiation; 

Coriolis force; 

friction of the atmosphere that dissipates motion; 

heat conductivity of air; 
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5. General (global) air circulation. 
 

Two major types of global winds: 

1. meridional circulation, which represents average air motions oriented primarily 

from north to south (or varying with latitude); 
2. jet streams, which, being oriented from west to east, are zonal in character( or 

encircle the Earth at constant latitude). 
 

 

Figure 4.5 Principal meridional circulation of the Earth’s atmosphere. 
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Figure 4.6 Three-dimensional perspective of atmospheric global circulation 

(Turco, 1997) 

 

 

 
The major elements in the general circulation pattern: 
Hadley cells; Ferrel cells; Polar cells; 

Trade winds; Westerlies winds; Polar Easterlies winds; 

Waves (e.g., Gravity waves; Planetary waves)) 

Polar jets; Subtropical jets; Tropical jet 
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• Pattern of general circulation shown in Figures 4.5-4.6 does not represent the actual 

state of the atmosphere circulation on a given day. It is a mean state of the atmosphere 

dynamics averaged for a multi-year time period.  

 

 

 

• The general circulation is important for mixing of trace species in the atmosphere. 

 

Table 4. Characteristic times for exchanges between atmospheric compartments. 

     Range (years)    Average (years) 

Northern troposphere/ 

Southern troposphere 

        0.7-1.8          1.0 

Troposphere/stratosphere         0.8-2.0          1.4 

Northern stratosphere/ 

Southern stratosphere 

          3-6          4.0 

  

  

  

  

• Transport of chemical species between stratosphere and troposphere is a key process 

in atmospheric chemistry. For example, pollutants transported from the troposphere 

into the stratosphere initiate the chemistry responsible for stratospheric ozone 

depletion. Conversely, the downward transport from the stratosphere is a significant 

source of ozone in the troposphere. 
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Figure 4.7 Dynamical aspect of stratosphere-troposphere exchange. The 

tropopause is shown by the thick line. Thin lines are surfaces of constant potential 

temperature (in Kelvin). The broad arrows indicate transport by the global-scale 

circulation, which is driven by the “extratropical pump” (Seinfeld and Pandis, 1998). 

 

 
 

 

 

 

 

 


