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Lecture 24 

Radiation and climate. Radiation budget of the Earth-Atmosphere 

system 
 

Objectives: 

1. Global radiation budget. 

2. Concepts of radiative forcing, climate sensitivity and radiation feedbacks. 

3. Quiz 

 

Required reading:  

L02: 8.2 

 

1. Global radiation budget. 
•  Planetary radiative equilibrium:                                                                                 

TOA outgoing radiation = TOA incoming radiation  

(over the entire planet and long time interval (e.g., a year). 

  
Let’s estimate the effective temperature assuming that the Earth is in the radiative 

equilibrium. 

The sun emits Fs= 6.2x10-7 W/m2 (a blackbody with about T= 5800K). 

From the energy conservation law, we have 

Fs 4ππππRs
2= Fs0 4ππππD0

2 

where Rs is the radius of the sun (6.96x105 km); 

Fs0 is the solar flux reaching the top of the atmosphere the solar constant = about 1368 

W/m2) at the average distance of the Earth from the sun, D0 = 1.5x108 km.  

Thus we have 

                                         Fs0 = Fs Rs
2/ D0

2                                                         [24.1] 
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If the instantaneous distance from the Earth to sun is D, then the total sun energy flux F0 
reaching the Earth is  

                                                   F0 = Fs0 (D0/D)2                                          [24.2] 

The total sun energy intercepted by the cross section of the Earth is Fs0 ππππRe
2 

where Re is the radius of the Earth. This energy is spread uniformly over the entire planet 

(with surface area 4ππππRe
2). Thus the amount of received energy per unit surface becomes 

Fs0 ππππRe
2 /4ππππRe

2 = Fs0 /4 

 
Therefore the total energy Qin (in W/m2) absorbed by the earth-atmosphere system is: 

Qin =(1 - r )  Fs0 /4  
where r  is the spherical (or global) albedo (see Lecture 18). Spherical albedo of the earth 

is about 0.3.   

Assuming that the Earth is a blackbody with temperature Te, we have: 

Qout = Fb
 = σσσσB  Te

4 

where σσσσB is the Stefan-Boltzmann constant. 

From the balance of  incoming and outgoing  energy, the effective temperature of the 

Earth is:                                              Qin = Qout  

Fs0  (1 - r ) /4 = σσσσB  Te
4  

                                           Te
4  = Fs0 (1 - r ) / 4 σσσσB                                   [24.3]        

Te
   = 255 K = -180C is very low!!! 

Why? : because we didn’t include the greenhouse effect and ignore the temperature 

structure. 

Table 24.1 Effective temperatures of some planets in the radiative equilibrium. 

 
Planet 

Relative distance to the sun  
with respect to the Earth 

 
Global albedo 

 
Te(K) 

Mercury 0.39 0.06 441 
Venus 0.72 0.78 226 
Earth 1 0.3 255 
Mars 1.52 0.17 217 
Jupiter 5.2 0.45 106 
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•  The planetary averaged albedo is a key climate variable as it, combined with the 

solar insolation determines the radiative energy input to the planet. The global 

annual averaged albedo is approximately 0.30. The annual average albedo of the 

northern and southern hemispheres is nearly the same, demonstrating the 

important influence of clouds. The albedo varies with geographic region and time 

of year. 
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•  The difference between the absorbed solar energy and the outgoing longwave 
radiation (OLR) is the net radiation. The annual variation in net radiative energy 
follows that of the solar declination due to the annual variation of the incoming 
solar energy being greater than the annual variation of the albedo. In general, the 
absorbed solar radiation exceeds the outgoing longwave radiation in the tropical 
and subtropical regions, resulting in a net radiative heating of the planet, while in 
the middle to polar latitudes there is a net cooling. This equator-to-pole 
difference, or gradient, in radiative heating is the primary mechanism that drives 
the atmospheric and oceanic circulations. On an annual and long-term basis in 
which no energy storage and no change in the global mean temperature occurs, 
this radiative imbalance between the tropics and polar regions must be balanced 
by meridional heat transport by the atmosphere and oceans. 
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2. Concepts of radiative forcing, climate sensitivity and radiation 

feedbacks. 
Radiative forcing,  ∆F (W m-2), is a change of net radiative flux (longwave and 

shortwave) at the top of the atmosphere due to an external perturbation that has the 

potential to alter global temperature. 
 

Radiative forcing are often classified as natural and anthropogenic climate forcings. 

 

Examples: a change in solar radiation incident on the Earth is a natural climate forcing; 

change in atmospheric CO2 abundance due to fossil fuel burning is an anthropogenic 

forcing. 

 

Positive radiative forcing:  

more absorbed shortwave or less outgoing longwave = > warming.  

Negative radiative forcing => cooling 

 

Radiative equilibrium at the top of the atmosphere (TOA): net flux is zero 

0)1(
4

0 =−−= ↑TOA
IR

TOA
net FrFF  

 

 

Climate sensitivity is the mean change in global temperature that occurs in response to a 

specified forcing. 

•  Climate model calculations predict an approximately linear relationship between 

global-mean radiative forcing, ∆F (W m-2), and the equilibrium global-mean  surface 

temperature change, ∆Ts(K)  

FGTs ∆=∆ 0   

where 

  

 G0 is the a no-feedback climate sensitivity parameter (K (W m-2)-1), ranging 

from 0.3 to 1.4 predicted by GCMs. 
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A climate feedback is a process that changes the climate sensitivity. Often a feedback 

changes the radiative balance.  

 

Positive feedback enhance the climate change (for a fixed radiative forcing), while 

negative feedbacks diminish the climate change.  

 

 

 

 

 


